A global marine ecosystem mixed-layer model is used to study iron cycling and nutrient-limitation patterns in surface waters of the world ocean. The ecosystem model has a small phytoplankton size class whose growth can be limited by N, P, Fe, and/or light, a diatom class which can also be Si-limited, and a diazotroph phytoplankton class whose growth rates can be limited by P, Fe, and/or light levels. The model also includes a parameterization of calcification by phytoplankton and is described in detail by Moore et al. (Deep-Sea Res. II, 2002).
Introduction
In recent years the micronutrient iron has been shown to play a key role in limiting phytoplankton growth rates and structuring plankton communities over much of the world ocean, particularly in the high nitrate, low chlorophyll (HNLC) regions (Martin et al., 1989 (Martin et al., , 1991 Martin, 1992; Helbling et al., 1991; Price et al., 1994; Takeda and Obata, 1995; de Baar et al., 1995; Coale et al., 1996; Landry et al., 1997; Takeda, 1998; Behrenfeld and Kolber, 1999; Boyd and Harrison, 1999; . In a companion paper (Moore et al., 2002 , hereafter referred to as MET) we describe a new marine ecosystem model (modified from the model of Doney et al., 1996 , to allow for multiple nutrient limitation, three phytoplankton classes and iron cycling) and compare model output with field data from nine JGOFS sites. These sites include a wide variety of ecosystem types and physical forcings. The model reproduces seasonal patterns in ambient nutrient concentrations, phytoplankton biomass, primary and export production, nitrogen fixation, and chlorophyll concentrations at these diverse locations (MET). Here we use the ecosystem model to examine iron cycling and nutrient-limitation patterns in the surface mixed layer at the global scale.
The ecosystem model has three classes of phytoplankton: a small size class whose growth can be limited by N, P, Fe, and/or light levels; a larger size class (explicitly modeled as diatoms) whose growth rates can be limited by N, P, Fe, Si, and/or light; and a third class of nitrogen-fixing phytoplankton (diazotrophs) than can be limited by P, Fe, and/or light (see MET). Cell quotas of each nutrient are computed relative to carbon, and maximum and minimum cell quotas for each nutrient are inputs to the model, based on Geider et al. (1998) . The small phytoplankton have lower half-saturation constants for nutrient uptake and experience stronger grazing pressure than the diatoms (MET). Nutrient uptake half-saturation constants for the diazotrophs are intermediate and the grazing pressure is low (see MET). Production by diatoms is largely routed to the sinking detrital pool, while production by the small phytoplankton and diazotrophs mainly ends up in the non-sinking detrital pool (MET). Phytoplankton adapt dynamically to changing light and nutrient conditions in the manner of the model of Geider et al. (1998) , which has been modified to allow for multiple limiting nutrients. Thus, N/C, Fe/C, Si/C, P/C, and Chl/C ratios all are variable and adjust dynamically to changing environmental conditions (MET). Photoadaptation is according to Geider et al. (1996 Geider et al. ( , 1998 .
Both laboratory and fieldwork have shown considerable variability in Fe/C ratios of phytoplankton as a function of Fe availability (Sunda et al., 1991; Sunda and Huntsman, 1995, 1997; Sunda, 1997) . Sunda (1997) used profiles of dissolved iron and apparent oxygen utilization from the Moss Landing database to estimate the Fe/C ratios of sinking particulate matter. Strongly Fe-limited regions such as the equatorial Pacific and the Southern Ocean had Fe/C ratios of B2 mmol/mol, while more Fe-replete areas such as the North Atlantic had significantly higher ratios (>7 mmol/mol). The low Fe/C ratios estimated for the Southern Ocean and equatorial Pacific regions are consistent with the low ratios seen under strong Fe limitation in culture studies (Sunda and Huntsman, 1995, 1997) .
Estimates of oceanic iron deposition to the oceans via mineral dust vary considerably. Duce and Tindale (1991) estimated total iron flux to the oceans of 3.2 Â 10 13 g Fe/yr (or 5.7 Â 10 11 mol Fe/yr) based on a sparse network of field measurements and an assumed iron content of 3.5% by weight. Rea (1994) suggested that the dust deposition estimates to the open ocean of (on which the iron deposition estimate of Duce and Tindale (1991) was based) were too high by a factor of B5 based on an analysis of marine sediment cores. Fung et al. (2000) estimated iron flux to the global ocean of 1.2 Â 10 11 mol Fe/yr based on model estimates of dust transport and deposition (Tegen and Fung, 1995) with different assumptions about iron content. Duce and Tindale (1991) included deposition by large particulates that are not transported over long distances and thus are deposited in coastal areas. These large particulates were not included in Tegen and Fung (1995) , which partially accounts for the difference in total flux estimates. Mahowald et al. (1999) modeled dust transport and deposition for modern and last glacial maximum (LGM) times. Global spatial patterns of dust/iron deposition to the oceans in Duce and Tindale (1991) , Fung (1994, 1995) and Mahowald et al. (1999) are all similar, with the largest deposition rates near desert source regions.
There are also uncertainties in the percentage of the iron in dust that is soluble upon entering the ocean. Early studies suggested fairly high solubilities in excess of 10% (up to 50%) (Duce and Tindale, 1991, and references therein) . More recent studies suggest lower solubilities (Fung et al., 2000, and references therein) . In a recent review, Jickells and Spokes (in press) suggested mean solubility of iron is at most 2%. Fung et al. (2000) estimated an iron budget for the upper ocean using solubilities of 1% and 10%. Archer and Johnson (2000) implemented an iron cycle within a 3D ocean circulation biogeochemistry model. They varied the solubility of dust flux estimates from several studies to best match observed surface phosphate concentrations. We use the Tegen and Fung (1995) dust deposition with an assumed 2% solubility to estimate atmospheric inputs to the oceanic dissolved iron pool in our standard model run (as in MET). We also examine the sensitivity of the marine ecosystem to variations in atmospheric input using a range of solubilities and dust flux deposition patterns from Tegen and Fung (1995) and Mahowald et al. (1999) .
There are still many uncertainties about iron cycling in ocean surface waters despite the progress of recent years (Wells et al., 1995; Johnson et al., 1997) . We make a number of simplifying assumptions in order to include Fe limitation of growth and Fe cycling in our model. We assume that all of the dissolved iron is readily available for uptake by the phytoplankton. In reality most dissolved iron is bound to organic ligands Bruland, 1995, 1997) , much of which appears to be available to phytoplankton (Rue and Bruland, 1995; . However, there may be differences between phytoplankton groups and different chemical chelators that influence iron uptake rates in situ (Hutchins et al., 1999) , and some portion of the dissolved pool may be unavailable to phytoplankton. We assume that particulate iron is unavailable to phytoplankton. However phytoplankton capable of phagotrophy may obtain substantial iron from particulate sources (Maranger et al., 1998) . Much in-situ remineralization of Fe may occur within the low pH food vacuoles or digestive systems of grazers, rather than through the actions of bacteria (Barbeau et al., 1996) . This process also may convert some particulate iron into more bioavailable forms (Barbeau et al., 1996) . We assume that a portion of grazed iron is remineralized by this process (MET). Detrital remineralization is parameterized with a simple temperature-dependent first-order rate in our model. There is good evidence that Fe is recycled rapidly in situ, but relatively little is known about rates or controlling processes Price et al., 1994) . In summary there is still considerable uncertainty about iron cycling in the oceans, and undoubtedly the model will need to be updated as our understanding of the marine iron cycle improves.
Phytoplankton geochemical functional groups are a key missing component in our attempts to model biogeochemical cycling in the oceans at present (Doney, 1999) . We have included the diatoms and nitrogen-fixing phytoplankton, two key functional groups, explicitly in our model (MET). We also parameterize calcium carbonate production by phytoplankton (the coccolithophores, another key functional group) as a variable percentage of the primary production by our small phytoplankton group (see MET for details). Inclusion of these key functional groups of phytoplankton is needed to model carbon fluxes in the oceans, air-sea carbon exchange, and to reliably predict how the marine carbon cycle will respond to changing environmental conditions (Doney, 1999) .
Methods
A detailed description of the ecosystem model and physical mixed-layer grid is given in MET. The ecosystem model consists of eleven compartments: small phytoplankton, diatoms, diazotrophs, zooplankton, sinking and non-sinking detrital pools, and the nutrients ammonium, nitrate, phosphate, silicate, and iron. We track multiple elements for the biota and detrital pools (N, C, P, Fe, Si, CaCO 3 , and Chl, see MET). All model parameters, initial values, and equations are listed in Appendix I of MET.
The model is run on a global surface mixed-layer grid that corresponds in horizontal resolution to the top layer of the National Center for Atmospheric Research (NCAR) Climate Ocean Model (NCOM) (Large et al., 1997; Gent et al., 1998; Doney et al., 1998, submitted) . There is no horizontal circulation or advection in this simplified grid. The ecosystem model is run independently at each grid point with no lateral exchange. Climatological forcings at each grid point include the seasonal cycles in surface shortwave radiation (Bishop and Rossow, 1991; Rossow and Schiffer, 1991) , sea-surface temperature (World Ocean Atlas 1998 (WOA98) Conkright et al., 1998) , mixed-layer depth (Monterey and Levitus, 1997) , percent sea-ice cover (National Snow and Ice Data Center, 2000) , vertical velocity at the base of the mixed-layer (from output of the NCAR 3D ocean model), turbulent mixing at the base of the mixed layer (0.15 m/ day), and atmospheric iron and silicon deposition (see MET for details). All forcings are remapped to the NCAR grid, and a cubic spline curve fit is used to interpolate the monthly forcing data at each time step in the model. Downwelling vertical velocities have no effect on mixed-layer concentrations. Upwelling is assumed to export an equal volume of water laterally that dilutes mixed-layer concentrations of most model compartments. Dissolved iron, nitrate, phosphate, and silicate typically have higher subsurface concentrations than the mixed-layer values and their concentrations thus increase. This lateral export is not tracked in the model (it is not added to adjacent gridpoints) and thus represents a loss term for the mixed layer, typically a small fraction of total losses.
Nitrate, phosphate, and silicate concentrations at the base of the mixed layer are derived from WOA98 (Conkright et al., 1998) as described in MET. Iron concentrations below the mixed layer are estimated from the nitrate data using the regional dissolved iron/nitrate ratios estimated by Fung et al. (2000) , modified in some areas (see MET). The model is spun up for two years, and monthly output is saved from a third year. This simple mixed-layer formulation works well in most areas but is deficient in areas where lateral advection is important, notably equatorial regions.
Atmospheric iron deposition is derived from the dust deposition model studies of Fung (1994, 1995, hereafter TF95) and Mahowald et al. (1999, hereafter MAH99) . We assume that dust is 3.5% iron by weight. This is the value used by Duce and Tindale (1991) and is very similar to that measured in mineral dust at Barbados by Zhu et al. (1997) . This is a simplification, as the percent iron likely varies with source region and dust type (see Fung et al., 2000) . We adopt a uniform 2% solubility for our standard model run but also examine how varying the soluble fraction from 2% to 10% impacts the marine ecosystem.
We model mean surface-layer concentrations for all variables but also make some assumptions about concentrations below the mixed layer. When the mixed-layer is shallow (25 m) we assume that concentrations just below the mixed-layer of all ecosystem variables (except nitrate, silicate, phosphate, and dissolved iron) are at 75% of the mixed-layer values. The percentage below the mixed-layer declines linearly with increasing mixed-layer depth to a value of 0 at 100 m depth. Thus, when the mixed layer is shallow and then deepens, there is some entrainment of biota and detritus until the mixed layer reaches 100 m depth. The loss of biota from the mixed layer due to turbulent mixing is also smaller when the mixed layer is shallow than if we assumed no biota or detritus below the mixed layer (which is not realistic).
Monthly SeaWiFS surface chlorophyll concentrations (Version 2.0) were obtained from the Goddard Distributed Active Archive Center (McClain et al., 1998) for the period October 1998-September 1999. We compare model mixed-layer primary production estimates with satellitebased estimates of total euphotic zone productivity from the Vertically Generalized Production Model (VGPM) of Behrenfeld and Falkowski (1997) . The VGPM is run on the NCAR grid using the same irradiance, sea-surface temperature, and sea-ice cover data as the model in addition to the SeaWiFS surface chlorophyll data. The VGPM uses a temperature-dependent function to estimate the local maximum production rate (Behrenfeld and Falkowski, 1997) .
Results

Atmospheric iron deposition to the oceans
Annual iron deposition to the oceans from the model studies are shown in Fig. 1 (note the approximate log scale of the color bar). Total deposition from the two studies is similar in magnitude at 2.67 Â 10 11 mol Fe/yr from TF95 and 4.59 Â 10 11 mol Fe/yr for modern times from MAH99. Fung et al. (2000) estimated total iron deposition to the global ocean at 1.18 Â 10 11 mol Fe/yr based on TF95 using different assumptions about the iron content of dust types. Most of the increased deposition in our study relative to Fung et al. (2000) would be in high dust flux regions where silt is a significant component of deposition (see Tegen and Fung, 1994) . Jickells and Spokes (in press) estimated total iron deposition to the oceans to be 2.5-6.3 Â 10 11 mol Fe/yr. General spatial patterns in the two maps presented here (as well that of Duce and Tindale, 1991) are similar. Highest deposition rates are near the main source regions in northern Africa, the Arabian Peninsula, eastern Asia, Australia, Patogonia, and southern Africa. However, there are some striking differences particularly in the low dust input regions of the Southern Ocean and equatorial Pacific where the TF95 estimates can be 10 times higher than those of MAH99 (Fig. 1) .
In contrast, the deposition near source regions is typically higher in MAH99 than in TF95 (Fig. 1) .
A number of factors contribute to the differences in these iron deposition maps. Different definitions of dust source regions and different atmospheric general circulation models were used (with different wind fields, a key factor driving uplift and transport) (TF95; MAH99). TF95 included anthropogenically and climatically disturbed soils as dust sources and suggested these sources could account for up to 50% of the dust flux from the continents. Both studies suggested the dust flux from Australia was overestimated, and MAH99 noted their dust flux off of Asia in the North Pacific was probably too low.
Standard model run
Mean mixed-layer dissolved iron concentrations from the model for the months of January and July are shown in Fig. 2 . Dissolved iron concentrations range from o15 to >2300 pM. Halfsaturation constants for iron uptake in our model are 200 pM for the diatoms and 80 pM for the small phytoplankton and the diazotrophs (MET). Concentrations are generally low in open-ocean waters during summer (o100 pM, Fig. 2 ). In the Johnson et al. (1997) database, mean surface concentration was 68 pM, but the authors noted this was an overestimate as many samples were Fig. 1 . Annual atmospheric iron input to the oceans estimated from two modeling studies of dust transport and deposition (A) iron deposition from Fung (1994, 1995) and (B) Mahowald et al. (1999) . Dust was assumed to be 3.5% iron by weight (see text for details).
below detection limits (B30 pM). In the HNLC regions and parts of the North Atlantic concentrations are o30 pM during summer, falling below 15 pM in the most iron-stressed regions (Fig. 2) . Highest Fe levels are seen in areas of high dust flux ( Figs. 1 and 2 ). It is only in these regions that iron gets much above 1.0 nM. Deep winter mixing increases iron levels at high latitudes (Fig. 2) , notably in the North Atlantic where winter mixed-layer depths often exceed 500 m.
The elevated iron concentrations in the North Atlantic in January (Fig. 2) are similar to the values measured at depth by Martin et al. (1993) (280 pM at 500 m and 560 pM at 800 m at 471N, 201W, and 360 pM at 600 m at 591N, 201W). Similarly in the western North Atlantic Wu and Luther (1994) measured dissolved Fe at 630 pM at 300 m and 850 pM at 750 m close to the continental shelf (37.371N, 73.251W) and lower values of 460 pM at 250 m and 510 pM at 500 m at a more open ocean station (36.031N, 72.291W). The general agreement between these deep-water measurements and our January mixed-layer concentrations in the North Atlantic indicates that we have adequately estimated subsurface iron concentrations in this region, which required increasing regional values above those used by Fung et al. (2000) (see MET).
Model-predicted dissolved iron concentrations are compared with field measurements of dissolved iron in Table 1 . Qualitatively the model predictions are in good agreement with the Martin et al. (1989) . b Martin and Gordon (1988) . c DiTullio et al. (1993) . d Rue and Bruland (1995) . e Bruland et al. (1994) . f Gordon et al. (1997) . g Rue and Bruland (1997) . h Martin et al. (1993) . i Wu and Luther (1996) . j Measures and Vink (1999) . k Measures and Vink (2001 Sedwick et al. (1997) . o Sedwick et al. (2000) .
in-situ measurements. Lowest iron concentrations are seen in the equatorial Pacific and the high latitude Southern Ocean (Fig. 2 oscher et al. (1997) were >200 pM. The factors driving these differences in iron concentration measurements remain to be resolved. Measures and Vink (2001) suggest a difference in the organic fraction measured in surface waters. Since our subsurface iron field is derived from the Moss Landing database, it is not surprising that our estimates are closer to the low end of observational measurements made by that group. In addition, we are modeling only the bioavailable portion of the dissolved pool; all dissolved iron is assumed to be available for uptake by phytoplankton. It is not clear what portion of the dissolved pool in situ is actually available for phytoplankton uptake. Small particulate, colloidal forms or iron bound to organic ligands may only be partially available to phytoplankton. Additional deficiencies in the model also could account for the differences.
We compare mean nitrate concentrations in surface waters during summer months (DecemberFebruary in the Southern Hemisphere and June-August in the Northern Hemisphere) with summer season surface values from WOA98 in Fig. 3 . The model reproduces the generally high nitrate values in the Southern Ocean, the subarctic and equatorial Pacific, and in the North Atlantic seen in the in-situ data. Nitrate is largely depleted in the North Atlantic by the end of the summer season in the model. The mid-ocean gyres have uniformly low nitrate concentrations in the model output, without the mesoscale variability seen in WOA98. In the model output, phytoplankton blooms have largely depleted nitrate in the upwelling region of the Arabian Sea, while high values are seen in the WOA98 (Fig. 3) .
We compare model chlorophyll distributions for the months of June and January with SeaWiFS data in Figs (Fig. 4 ). In the model this pattern is driven by stronger Fe limitation in the Pacific sector due to very low atmospheric iron inputs (Fig. 1) . The model tends to overestimate chlorophyll concentrations in the open-ocean areas of the Indian Ocean, and along the margins of the mid-ocean gyres during winter months. Thus, chlorophyll concentrations are too high in the South Pacific and South Atlantic during June (Fig. 4) and in portions of the North Pacific and North Atlantic during January (Fig. 5) . It is likely that our assumption of a linear slope with depth for subsurface nutrients (see MET) is not valid in these regions and somewhat excessive nutrients are introduced as mixed layers deepen during winter months. In early spring, chlorophyll concentrations tend to be higher than observed with SeaWiFS in parts of the Southern Ocean as there is a modest bloom of the small phytoplankton as mixed layers shoal in some regions (not shown). Chlorophyll concentrations are almost uniformly low in this region by December driven by strong iron limitation.
Patterns of annual mixed-layer primary production from our standard model run are similar to water-column production estimates from the VGPM at the basin scale (Fig. 6 ). Since the VGPM estimates total euphotic zone production, absolute values should be higher than our model, which includes only the surface mixed layer. In general, there is very good agreement between the model and the satellite-based estimates for primary production. Highest production values are seen in the upwelling zones associated with the eastern boundary currents and in the Arabian Sea. Elevated production also is seen in the high-latitude North Atlantic and at mid-latitudes in the Southern Ocean in the Atlantic and Indian sectors, with low production in the Pacific (Fig. 6) . The model production estimate is low in the eastern equatorial Pacific. This is due to persistently shallow mixed layers in the climatological forcings and due to the lack of advection in our model framework.
Export of biogenic carbon from the surface mixed layer within the large (sinking) detrital pool is compared with total biogenic carbon export (export due to sinking, detrainment, and turbulent mixing) from the surface mixed layer in Fig. 7 . Sinking Particulate Organic Carbon (POC) accounts for 2/3 of total global export out of the surface mixed layer. The spatial pattern of the sinking export is similar to total production with the highest export in areas where diatom blooms In the mid-ocean gyres, the small phytoplankton typically account for >90% of production, and the sinking export is low, often accounting for less than half of the total carbon export (Fig. 7) . A similar pattern is observed over much of the Southern Ocean, particularly in the southeast Pacific sector. The maps of export production in Fig. 7 can be compared with export estimates from Laws et al. (2000) . Laws et al. (2000) used VGPM output for total net production and estimated the export production as a function of temperature and net productivity, where the export function was determined using an ecological model validated with in-situ data from several locations. The overall export pattern of Laws et al. (2000) is similar to those in Fig. 7 . Highest export was in coastal areas and the North Atlantic, with minimal export in mid-ocean gyres. In the Southern Ocean there was elevated export at mid-latitudes in the South Atlantic and south of Africa but less so in the Pacific sector, similar to the pattern seen in Fig. 7 . Our model predicts higher export in the Southeast Indian sector of the Southern Ocean than that of Laws et al. (2000) .
Next we examine nutrient-limitation patterns, which are a function of ambient nutrient concentrations relative to the half-saturation uptake constants for each phytoplankton class. Our focus is on summer months, which we define as June-August for the Northern Hemisphere and December-February for the Southern Hemisphere. In the model the nutrient with the lowest cell quota relative to maximum quotas, limits carbon fixation (or growth rate) (MET). We define phytoplankton as nutrient-replete if all cell quotas are >97% of their maximum values. Note that this is an arbitrary definition of nutrient replete status on our part. Increased radiation and shallow mixed-layer depths, generally precludes strong light limitation of phytoplankton growth (for the diatoms and small phytoplankton, not for the diazotrophs) during summer months, allowing us to focus on nutrient-limitation patterns. In the ecosystem model it is difficult to assess nutrient limitation during times of strong light limitation because nutrient cell quotas are calculated relative to cellular carbon (Geider et al., 1998; MET) . Thus, when carbon fixation is negligible, phytoplankton are able to achieve maximum cell quotas even if uptake rates are very slow due to low ambient nutrient concentrations (see Figs. 11 and 12 in MET) .
Maps showing summer season nutrient-limitation patterns for the three phytoplankton classes and the percentage of total ocean area where each nutrient is limiting are shown in Fig. 8 . The mid-ocean gyres are N-limited for the diatoms and small phytoplankton while the HNLC regions of the subarctic and equatorial Pacific, and the Southern Ocean are Fe-limited (Fig. 8) . Equatorial waters in the Indian and Atlantic oceans and portions of the North Atlantic also become Fe-limited during summer months (Fig. 8 ). These patterns of Fe stress are similar to those estimated by Fung et al. (2000) . Their analysis also showed modest Fe stress in the equatorial Atlantic and Indian Oceans, regions not usually associated with iron limitation (Fung et al., 2000) .
Diatom growth rates are Si-limited in northern Subantarctic waters, in portions of the North Atlantic, equatorial Atlantic, and equatorial Pacific, and over much of the Arabian Sea (Fig. 8) . The diatoms and small phytoplankton are nutrient replete only in areas permanently covered with heavy sea ice (where strong light limitation occurs) (Fig. 8) . Nutrient-replete areas constitute o1% of the ocean area for the diatoms and the small phytoplankton. In contrast, the diazotrophs are nutrient-replete over most of the world ocean.
Temperature is the dominant control on diazotroph growth at mid to high latitudes as we assume diazotroph production and biomass to be negligible when sea-surface temperature is o161C. At the mid to low latitudes mixed-layer depth strongly influences both light and seasurface temperatures, and the diazotrophs thrive only in areas where mixed layers remain shallow of an extended period (see MET). The diazotrophs are nutrient-limited over B39% of the world ocean, with B35% Fe-limited and B4% P-limited (Fig. 8) . Cold sea-surface temperatures prevent diazotroph growth at high latitudes over B29% of the world ocean. If this temperature Fig. 6 . Annual primary production (Gt C) within the surface mixed layer estimated by the ecosystem model (top panel) (A) compared with satellite-based estimates of total water column primary production from the Vertically Generalized Production Model (VGPM) (bottom panel)(B) of Behrenfeld and Falkowski (1997). controlled area is excluded then 50% of the remaining tropical/subtropical area is Fe-limited, 5% is P-limited, and 45% is nutrient-replete (light-and/or temperature-limited). There are substantial areas of P limitation in the North Atlantic and western North Pacific (Fig. 8) .
In general, only a small portion of the world ocean is P-limited for the three phytoplankton groups (Fig. 8 ). Significant portions of the North Atlantic are P-limited for the diazotrophs including at the BATS site (Fig. 8, MET ). The diatoms also experience some P stress at BATS during summer months (although N is more strongly limiting, see MET). These results are consistent with the recent measurements showing much lower ambient dissolved inorganic phosphate levels in the North Atlantic near BATS relative to the North Pacific near the HOT site (Wu et al., 2000) . McCarthy and Carpenter (1979) suggested that Trichodesmium may be P-limited in the central North Atlantic. Orcutt et al. (submitted) suggest that Trichodesmium colonies are not P-limited at BATS due to enhanced remineralization by bacteria associated with the colonies. However, mean Trichodesmium molar N/P ratios measured by Orcutt et al. (submitted) were considerably higher (57 for puffs and 125 for tufts) than the mean value of 45 reported for the HOT site in the North Pacific (Letelier and Karl, 1996) , suggesting P stress is a possibility.
Both diatoms and smaller phytoplankton become Fe-limited in parts of the North Atlantic during summer months (Fig. 8) . Unlike in the HNLC areas, the spring bloom depletes Fig. 7 . The ecosystem model estimated annual export of biogenic carbon from the surface mixed layer (A, within the sinking detrital pool) and total biogenic carbon export (B). Total export is the sum of the sinking flux plus the export of biogenic carbon due to turbulent mixing at the base of the mixed layer and detrainment. macronutrients and the initially high iron concentrations in this region (see January concentrations in Fig. 2 , and MET). Most field evidence suggests that Fe limitation does not play a strong role in this region (Martin et al., 1993; Sunda, 1997) , and high chlorophyll concentrations are seen throughout the summer in the SeaWiFS data. There are several possible explanations for Fe limitation in the model. Advection from nearby continental sources may play a role in delivering iron to this region (Martin et al., 1993; Fung et al., 2000) . The atmospheric source may be underestimated. The dust flux to the North Atlantic is much higher in MAH99 than in TF95 (Fig. 1) . The increased flux in MAH99 was during the month of January, when the dust plume from northern Africa was advected northward within the atmosphere. A similar event occurring once during summer months would likely prevent Fe limitation in this region. Alternatively, the solubility of the iron within atmospheric dust may be higher in this region due to anthropogenic influence from North America and Europe (see Jickells and Spokes, in press ). Iron limitation is also a real possibility, particularly towards the end of the summer season as dust inputs are generally low. The results of Fung et al. (2000) suggested strong iron limitation in this region.
The cellular Fe/C ratio (mmol/mol) of the diatoms during summer months is shown in Fig. 9 . In areas where iron is not strongly limiting, Fe/C ratios approach the maximum cell quota value of 7.0 mmol/mol (see MET). The lowest ratios ranging from 2-3.5 mmol/mol are seen in the most Felimited regions of the equatorial Pacific and Southern Ocean and in some coastal regions where phytoplankton blooms have depleted iron (Fig. 9) . Intermediate values (3.5-5 mmol/mol) are seen in less Fe-stressed areas of the equatorial Pacific and the subarctic Northeast Pacific. In the equatorial Pacific there are generally higher Fe/C ratios north of the equator than south of the equator (Fig. 9 ). This is a result of the higher atmospheric iron inputs north of the equator (Fig. 1a) . Note also that within the strong upwelling region on the equator in the Pacific sector there are somewhat higher Fe/C ratios than in surrounding waters, reflecting the higher iron inputs from below (Fig. 9) . The Fe/C ratios for the small phytoplankton in the model display a very similar spatial pattern, but the low ratios in the Fe-limited regions are higher than the diatoms by 1-2 mmol/mol. The small phytoplankton are not as iron stressed in these regions due to their lower half-saturation constants for iron uptake (MET). The dynamic Fe/C ratios in the model output, which result from varying degrees of Fe-stress, are similar to the regional values assigned by Fung et al. (2000) . Tortell et al. (1996) measured Fe/C ratios of eukaryotic phytoplankton at Station P in the northeast subarctic Pacific of 4.4. The model results for this region are in excellent agreement (Fig. 9) . The model results are also in good agreement with Sunda (1997) , who estimated Fe/C ratios in sinking matter at several hundred meters depth of B2 mmol/mol for the equatorial Pacific and Southern Ocean, B3.5 mmol/mol for the subarctic North Pacific, and >7 mmol/mol for the North Atlantic.
Model phytoplankton C/N ratios are near the Redfield value of 6.6 (mol/mol) for all phytoplankton classes during summer months, except in the mid-ocean gyres and high latitude North Atlantic, areas that are strongly N-limited. In these areas C/N ratios for the small phytoplankton are typically 8.5-10.0 (mol/mol) with molar ratios of 10-12 in the most N-limited areas. The diatoms are more N-stressed due to their higher half-saturation constants (MET) and C/N ratios can reach values 3 times the Redfield value. In the most strongly Fe-limited regions, C/ N ratios fall below the Redfield ratio. Similarly, N/P ratios for the diatoms and small phytoplankton are close to the Redfield value except in the N-limited areas where N/P ratios are considerably lower. Diazotroph molar N/P ratios are close to their optimum value of 45.0 everywhere except in the P-limited regions, where much higher ratios are observed. Small phytoplankton C/Chl ratios (g/mg) range from 30 to 125 during summer months. Similar values are seen for the diatoms, except in the most N-limited regions, where values in excess of 200 (g/ mg) are observed. Nitrogen uptake is a requirement for chlorophyll synthesis in the model (MET). In the mid-ocean gyres the diatoms are strongly N-limited ( Fig. 7 and MET) and are not able to obtain sufficient nitrogen for chlorophyll synthesis. The diazotrophs have lower C/Chl ratios typically o50 (g/mg) due to their lower initial slope of the P vs. I curve (MET).
The relative strength of the atmospheric iron source is compared with total inputs of dissolved iron to the surface mixed layer in Fig. 10 . Total dissolved iron input is calculated as the sum of atmospheric dissolved iron inputs plus the entrainment, upwelling, and turbulent mixing of dissolved iron into the surface mixed layer. In areas of deep winter mixing, such as the North Atlantic and the southeast Pacific sector of the Southern Ocean, large amounts of iron are entrained during winter months and then detrained unused by the biota in the spring, as mixed layers shoal. In these areas the atmospheric source is quite small by comparison (o5%, Fig. 10 ). In areas of high dust flux (near NW Africa, Australia, the Arabian Peninsula) the atmospheric source for iron dominates inputs to the surface mixed layer (compare Figs. 1a and 10 ). In these regions surface-layer iron concentrations are higher than below the mixed layer. The atmospheric source also dominates inputs in strongly stratified regions with moderate to high dust deposition (the central North Pacific, the western South Pacific Gyre, and the Sargasso Sea). In areas with low dust input the atmospheric contribution is typically o30% (compare Figs. 1a and 10) . In general, areas where the atmospheric iron source accounts for o50% of total inputs tend to become Fe-limited during summer months (Figs. 8 and 10 ). In these regions, variations in the atmospheric Fe source will lead directly to variations in total and export production. In the Southern Ocean there is a latitudinal gradient with considerable regional variability (Fig. 10) . The southeast Pacific sector of the Southern Ocean, where deposition accounts for o5% of total iron inputs, is an area of very low dust deposition ( Fig. 1) and relatively deep winter mixed layers. De Baar et al. (1999) argued for strong iron limitation in this region far from continental and shelf sources of iron. The atmospheric input is higher in the southwest Atlantic sector of the Southern Ocean (30-50%) (Fig. 10) . This is an area with generally elevated chlorophyll concentrations in the SeaWiFS data set .
We can compare these estimates of the atmospheric contribution with literature values. Fung et al. (2000) estimated that the atmospheric contribution would be B17-29% of total inputs in the equatorial Pacific and Southern Ocean and exceed 60% in most other regions (assuming 2% solubility). Our results are in general agreement (Fig. 10) . Gordon et al. (1997) estimated the atmospheric source at 3-29% of iron inputs in the equatorial upwelling zone at 1401W. Our model results range from 5% to 30% for this region (Fig. 10) . Duce (1986) estimated that atmospheric deposition should dominate iron inputs in the Central North Pacific Gyre and in the Sargasso Sea. The analysis of Bruland et al. (1994) suggests that surface waters north of Hawaii (B281N) should be strongly dominated by the aeolian input due to strong stratification and shallow mixed layers, in good agreement with the model results (Fig. 10) . This also suggests a dominant atmospheric source in other oligotrophic regions with moderate to high dust inputs like the Sargasso Sea, in agreement with our results (Fig. 10) . L . oscher et al. (1997) estimated that atmospheric deposition accounts for B9% of iron inputs at 561S Â 151W in the Atlantic sector of the Southern Ocean. Our estimates for this region are in the range of 10-30%. L .
oscher et al. (1997) used the deposition estimate of Duce and Tindale (1991) for the atmospheric source but noted that Kumar et al. (1995) had suggested much higher deposition rates (by a factor of 10) for this region based on an analysis of ocean sediment core data. Martin and Gordon (1988) calculated that atmospheric iron deposition was 84-93% of total inputs at Station P (501N, 1451W). L . oscher et al. (1997) also argued that the atmospheric source should dominate in this region (B85% of iron inputs). Our model results suggest the atmospheric Fig. 10 . The relative size of the atmospheric dissolved iron source relative to total dissolved iron inputs to the surface mixed layer. Total dissolved iron input is calculated as the sum of the atmospheric source plus dissolved iron inputs due to entrainment, upwelling and turbulent mixing.
source is o50% (Fig. 10) . We suggest that the importance of the atmospheric source has been previously overestimated for this region. Both Martin et al. (1989) and L . oscher et al. (1997) used an assumed solubility of 10%, which as discussed previously is likely too high. At a solubility of 2% the atmospheric source of L .
oscher et al. (1997) would be reduced to 50% of total inputs. Martin et al. (1989) used the high end of the iron flux estimated by Duce (1986) for the central North Pacific. Dust fluxes in the central North Pacific are significantly higher than at Station P (Fig. 1) . The iron concentrations measured by Martin et al. (1989) generally increase steadily with depth in this region, suggesting substantial inputs from below. There is no strong subsurface minimum as Bruland et al. (1994) found in the central North Pacific Gyre. If we increase the solubility to 10% in our model, this region is no longer Fe-limited and large diatom blooms occur.
The relative contribution of atmospheric iron inputs displayed in Fig. 10 are based on annual iron budgets, and as noted include large amounts of iron entrained during deep winter mixing and then detrained (unused by the biota) as mixed layers shallow in the spring. If this analysis is restricted to summer months (a time of maximum stratification and typically the strongest Fe limitation), the atmospheric source accounts for a significantly higher percentage of total iron inputs. During summer months the atmospheric iron input is more than 90% of total iron input throughout the subarctic North Pacific, and is >20% of total dissolved iron inputs over much of the North Atlantic and most of the Southern Ocean (compare these values with Fig. 10 ). In the southeast Pacific sector of the Southern Ocean the atmospheric contribution is still o5% during summer months.
Annual surface mixed-layer nitrogen fixation predicted by the ecosystem model is displayed in Fig. 11 . The total is 62.4 Tg N for the world ocean, comparable to the global estimate of 80 Tg N by Capone et al. (1997) . However, significant amounts of nitrogen fixation occur below the surface mixed layer Karl, 1996, 1998) . So total fixation might be in better agreement with the geochemical based estimates, which exceed 100 Tg N (i.e. Gruber and Sarmiento, 1997) . The spatial patterns of elevated nitrogen fixation (Fig. 11 ) are in good agreement with the limited field data available. The model is in very good agreement with field measurements of nitrogen fixation at HOT and BATS (Karl et al., 1997; Orcutt et al., 2001; see MET) . High Trichodesmium biomass has been documented in the Caribbean Sea and in the waters off the northern coast of South America (see Lipschultz and Owens, 1996) . Relatively high rates also have been reported for the central North Pacific gyre Karl, 1996, 1998; Karl et al., 1995 Karl et al., , 1997 . Satellite observations have revealed large trichodesmium blooms along the northern coast of Australia (Capone et al., 1997) . High rates of N fixation also have been observed in the Arabian Sea, the NE Caribbean Sea, and the SE East China Sea (Capone et al., 1997, and references therein; Capone et al., 1998) . Lastly, satellite observations and in situ work have shown repeated Trichodesmium blooms in the southwest, tropical Pacific from B15-251S and 165-1801E (Dupouy et al., 2000) . The model predictions are in excellent agreement, showing high nitrogen fixation in this region (Fig. 11) .
The dominant controls on nitrogen fixation in the model are temperature at the high latitudes and Fe, temperature and light at mid to low latitudes (both SST and light levels are influenced by mixed-layer depth). Nutrient limitation of the diazotrophs was seen over B39% of the world ocean during summer months (Fig. 8) . However, in subtropical and tropical regions, nitrogen fixation rates are largely a function of mixed-layer depth, with enhanced nitrogen fixation seen in areas with persistently shallow mixed-layer depths where sufficient diazotroph biomass builds up (MET). This is consistent with the increased N fixation in the North Pacific during periods of increased stratification associated with ENSO events (Karl et al., 1995) . It is also in agreement with the hypothesis of Hansell and Feely (2000) that stratification (as influenced by precipitation patterns) is the dominant control on N fixation in the western tropical Pacific. Hansell and Feely (2000) suggested that climate change, which leads to increased stratification, should increase nitrogen fixation. Our model results strongly support this hypothesis, and it may be that global scale nitrogen fixation will increase if surface waters warm and stratification increases as expected over the next century.
Fe limitation is also playing a key role in regulating nitrogen fixation at the global scale in our model. In an alternate model run where the ecosystem model was forced with the dust deposition estimates for the LGM by Mahowald et al. (1999) at an assumed solubility for iron of 10%, global nitrogen fixation increased to 149 Tg N. There were also large increases in total primary and export production (Table 4 ). This atmospheric iron flux is probably the upper bound of what can be considered in the realm of possibility, and resulted in the diazotrophs being iron-replete over all but a small fraction of the world ocean (B2% Fe limited, see Table 5 ). Thus, with near total relief from iron stress, global N fixation more than doubled compared with our standard run (Fig. 11) . Interestingly, the increases in this LGM dust flux run came mainly in the areas of relatively high N fixation (>25 mmol N/m 2 /yr) seen in Fig. 11 . There was essentially no increase in N fixation in the areas from Fig. 11 with o15 mmol N/m 2 /yr. In these areas, light is strongly limiting diazotroph growth. In the other regions, where near optimum light and temperature conditions occur for a substantial period (the regions with >25 mmol N/m 2 /yr in Fig. 11 ), as diazotroph biomass increases iron is rapidly depleted (due to the relatively high diazotroph cell quota for Fe) leading to Fe-limitation of growth rates. Comparing Figs. 8 and 11 it can be seen that many of the Fe limited regions for the diazotrophs are areas where there is moderate to high annual nitrogen fixation. It is the moderate to high diazotroph biomass that has depleted much of the available iron. The diatoms and small phytoplankton are typically nitrogen limited in these areas. An exception is in the eastern South Pacific where there is iron limitation and low nitrogen fixation. This is a region of very low atmospheric dust deposition (Fig. 1) .
Globally the diazotrophs account for o1% of total primary production. Diazotrophs account for 5-10% of primary production during summer months in the regions where annual N fixation exceeds B40 mmol N/m 2 /yr (see Fig. 11 ). Diazotroph production exceeds 30% of total primary production during summer months in some portions of the northern Indian Ocean where N fixation rates are quite high (see Fig. 11 ). Recall that diazotroph production is fueled exclusively by ''new'' nitrogen in the model (MET). The diazotrophs also have a stimulatory effect on the other phytoplankton through release of DON (see MET, and following sections). For the areas in Fig. 11 where nitrogen fixation is oB40 mmol N/m 2 /yr, the dominant loss term for the diazotrophs is the non-grazing mortality term (see MET), accounting for >90% of all losses. Grazing becomes an important loss term only in areas of high diazotroph biomass and can account for more than 50% of total mortality in the areas where the diazotrophs bloom (Fig. 11) .
The model predicted production and export of calcium carbonate by phytoplankton is shown in Fig. 12 . The spatial patterns seen in Fig. 12 are generally in very good agreement with the synthesis of Milliman (1993) of a large number of sediment trap studies of calcium carbonate export. Milliman (1993) noted that the highest calcium carbonate fluxes out of surface waters were in the upwelling regions associated with eastern boundary currents and the upwelling zone in the Arabian Sea. Lowest fluxes were from the mid-ocean gyres and the highest latitudes (coldest waters) in each hemisphere (Milliman, 1993) . The model predictions in Fig. 12 are in excellent agreement with these regional patterns. The high latitude North Atlantic is known to be a site of frequent coccolithophore blooms and high calcium carbonate export (Holligan et al., 1993; Robertson et al., 1994) . In general, the spatial patterns of high calcium carbonate export are also in good agreement with satellite estimates of coccolithophore bloom distributions (Brown and Yoder, 1994; Iglesias-Rodr! ıguez et al., submitted) . The model predicts less calcium carbonate export in the equatorial Pacific, but does reproduce the high values suggested by Milliman (1993) for the equatorial Atlantic. Model CaCO 3 production in the equatorial Pacific was less than that measured by Balch and Kilpatrick (1996) along 1401W (see MET).
Global production estimated by our parameterization of calcification is 1.12 Gt C of CaCO 3 /yr with a sinking export of 0.59 Gt C. Milliman et al. (1999) estimate surface calcium carbonate production of 0.70 Gt C, lower than our total. Given our sinking export for POC of 7.91 Gt C, the globally integrated ''rain ratio'', the ratio of inorganic/organic carbon, at the base of the mixed layer is 0.075. This is in good agreement with the estimate of Yamanaka and Tajika (1996) of a global rain ratio out of surface waters in the 0.08-0.1 range. This ratio would increase with depth as organic carbon is remineralized more rapidly than CaCO 3 . There was considerable spatial variability in the rain ratio with values of o0.05 in the central ocean gyres and over much of the equatorial Pacific and values of 0.1-0.2 in the regions of high calcium carbonate export. The rain ratio exceeded 0.4 in portions of the high-latitude North Atlantic. Approximately 53% of the calcium carbonate produced in surface waters is exported out of the surface mixed layer (Fig. 12) . This is in general agreement with the estimate of Milliman et al. (1999) that 60-80% of the calcium carbonate produced in surface waters dissolves at depths o1000 m. Martin et al. (1993) reported a 50% decrease in the sinking calcium carbonate flux between 150 and 1000 m depth from floating sediment traps in the North Atlantic (see discussion in Milliman et al., 1999) . If our surface export value of 0.59 Gt C declined by a similar amount, the resulting flux at 1000 m of 0.3 Gt C would be in excellent agreement with the estimate of Milliman et al. (1999) for calcium carbonate export to the deep sea at 1000 m. Yamanaka and Tajika (1996) estimated the export of calcium carbonate out of surface waters to be 0.8-1.0 Gt C.
Global iron and carbon budgets for the surface mixed layer
Next we examine global annual iron fluxes for the surface mixed layer ( Table 2 ). Recall that we make assumptions about biota and detrital concentrations below the mixed the layer (see Methods section). This leads to a small entrainment of biogenic iron when the mixed layer deepens (within the biota and detrital pools) equal to 1.8% of total iron inputs ( Table 2 ). The atmospheric iron source accounts for 27% of total iron inputs to the surface mixed layer. This is somewhat misleading as large amounts of iron are entrained during deep winter mixing at high latitudes (particularly in the North Atlantic) and then detrained from the mixed layer in the spring unused by the biota (Table 2 ). This detrainment of is of equal magnitude to the total dissolved iron entrained from below ( Table 2) . Detrainment of dissolved iron occurs in the mainly in highlatitude areas and also in areas of high dust flux (Fig. 1) . In the regions of high dust flux, dissolved iron in the mixed layer exceeds concentrations below the mixed layer and turbulent mixing at the base of the mixed layer exports dissolved iron (3.5% of total iron export, Table 2 ). Turbulent mixing of dissolved iron into the mixed layer over the rest of the ocean roughly balances this loss but in spatially distinct areas (Table 2) . Fung et al. (2000) estimated the flux into the surface layer from subsurface sources at 0.7 Â 10 9 mol Fe/yr for the open ocean. This is much lower than our estimate but does not include entrainment during deep winter mixing, which accounts for much of the difference. We also set a higher subsurface iron concentration in coastal waters (see MET). Sinking of the large detrital pool accounts for 21% of iron export (Table 2 ). This would include some scavenged iron (mainly in the high dust regions), which is added to the large detrital pool. Detrainment of dissolved iron dominates total export. The sinking flux accounts for 60% of total export if the detrainment of dissolved iron is excluded. Detrainment of biogenic iron is also a significant loss term (7.3% of total export, Table 2 ). Most of the biogenic iron exported by detrainment and turbulent mixing is within the detrital pools that dominate standing stocks (see MET). We do not track the biogenic matter exported laterally in upwelling regions (it is not added to adjacent grid points), thus there is a small net loss of biogenic iron from the surface mixed layer due to upwelling (Table 2 ). This loss is only 1% of total ''export'' globally but locally can be a significant loss term. The small phytoplankton account for 73% of the iron uptake by phytoplankton (Table 2) . Fung et al. (2000) estimated a similar total iron uptake by phytoplankton ranging from 12 Â 10 9 mol Fe/yr for the open ocean to 26 Â 10 9 mol Fe/yr for Iron cycling within surface mixed layer 15.7 Small phytoplankton uptake, 73% of total uptake 4.76 Diatom uptake, 22% of total uptake 1.01 Diazotroph uptake 4.7% of total uptake 21.5 Total uptake by phytoplankton 1.27 Scavenging of dissolved iron, equivalent to 5.9% of total biota uptake 10.1 Remineralization of small detritus iron, 60% of total remineralization 0.761 Remineralization of large detritus iron, 4.5% of total remineralization 5.92 Remineralization due to grazing, 35% of total remineralization 16.8 Total remineralization within surface mixed layer a Atmospheric iron deposition was from the study of Tegen and Fung (1995) with an assumed 2% solubility. Fluxes given in units of 10 9 mol Fe/yr. Biogenic iron includes the iron within the phytoplankton, zooplankton, and detrital pools. A portion of the iron within the large detrital pool is due to abiotic scavenging of iron (see text for details). the global ocean. Scavenging of dissolved iron is equivalent to 6% of phytoplankton uptake and is concentrated in areas of high dust flux and some coastal areas where dissolved iron exceeds 0.6 nM and scavenging rates are higher (MET).
The annual carbon budget for the surface mixed layer is given in Table 3 . The small phytoplankton account for 75% of primary production, the diatoms 24%, and the diazotrophs 0.49%. Note that while accounting for o1% of primary production, the diazotrophs account for nearly 5% of iron uptake by phytoplankton due to their higher cell quotas for iron (Tables 2 and  3 ). Sinking POC (within the large detrital pool) exports 17.5% (7.9 Gt C) of primary production or 17.0% of the total biogenic carbon inputs (Table 3) . Laws et al. (2000) estimated the sinking particulate flux accounts for B20% of total production within the euphotic zone at the global scale. The sinking flux accounts for 66% of total carbon export, with detrainment accounting for 23% and turbulent mixing 7.3% (Table 3) . Thus, mixing and detrainment are significant routes for export of biogenic carbon from the surface mixed layer. Most of the carbon detrained from the mixed layer is within the small detrital pool. Total export of carbon from the mixed layer accounts for 26% (12.0 Gt C) of carbon losses, with the remaining 74% remineralized within the mixed layer.
There are strong regional patterns in the modes of carbon export. In some low-productivity areas the detrainment flux accounts for >50% of total carbon export from the mixed layer. In the mid-ocean gyres the sinking flux often accounts for o50% of carbon export, with detrainment of 30-40% and turbulent mixing accounting for 10-20% (see Fig. 7 ). Carlson et al. (1994) estimated that detrainment of dissolved organic carbon in the northwestern Sargasso Sea during winter mixing could exceed the particulate sinking carbon flux. The turbulent mixing loss is significant even though we assume some biota and detritus beneath the mixed layer. In the equatorial Pacific, coastal waters, and over much of the northern Indian Ocean, export is dominated by the sinking flux (>80% of total export). In the subarctic North Pacific and the North Atlantic the sinking flux accounts for B50-70% of total export. In the Southern Ocean sinking is the main mode of export in coastal waters, but accounts for o50% in most open ocean areas, especially in the Pacific Sector where detrainment accounts for >50% of total export (Fig. 7) .
Grazing is the dominant loss term for the diatoms and small phytoplankton classes (Table 3) . Annually grazing consumes B80-90% of primary production at low to mid-latitudes (o451). In the upwelling zones where phytoplankton blooms occur, grazing consumes B30-60% of production. At high latitudes grazing accounts for 40-70% of primary production; in some regions, notably Antarctic coastal waters, it is o30%. In areas where phytoplankton blooms occur, aggregation/sinking losses account for 20-40% of total phytoplankton losses, much higher than the global mean aggregation/sinking loss of 6% for the small phytoplankton and 12% for the diatoms (Table 3 ). In general, grazing is the dominant loss term in regions where the small phytoplankton dominate the assemblage (see MET). This is consistent with a large body of field work examining the role of microzooplankton grazing on small phytoplankton (Strom and Welschmeyer, 1991; Landry et al., 1995 Landry et al., , 1997 Lessard and Murrell, 1998) . For the diazotrophs, the dominant loss term is the non-grazing mortality term (74% of total), with grazing losses accounting for most of the remainder (Table 3) .
Comparing total carbon fixation (Table 3 ) with total iron uptake by phytoplankton (Table 2 ) gives a mean phytoplankton cellular Fe/C ratio (mmol/mol) of 5.7, similar to the mean value of 5.0 suggested by Johnson et al. (1997) . The Johnson et al. (1997) data may be weighted toward areas Table 3 Carbon budget for the surface mixed layer of the world ocean from the standard model run a Carbon sources to mixed layer ecosystem model 28.4 Small phytoplankton primary production, 75% of total production 9. 09 Large phytoplankton primary production, 24% of total production 0.185 Diazotroph primary production, 0.49% of total production 37.7
Total primary production, (=45.3 Gt C) with lower Fe/C ratios because many of the samples come from Fe-stressed areas of the subarctic and equatorial Pacific and the Southern Ocean.
Silicon cycling in surface waters
Total biogenic silica production by the diatoms in our model is 2.3 Â 10 14 mol Si/yr. This is in excellent agreement with the global estimate of 2.4 Â 10 14 mol Si/yr by Tr! eguer et al. (1995) . Nelson et al. (1995) argued that at least 50% of the silica produced by diatoms dissolves in the upper 100 m of the water column. The sinking export of biogenic Si at the base of the mixed layer predicted by the model is 1.4 Â 10 14 mol Si/yr, which would be lower if normalized to 100 m depth, and thus is in good agreement with Nelson et al. (1995) . Comparing diatom carbon production (Table 3 ) with the biogenic Si production of 2.3 Â 10 14 mol Si/yr gives a mean molar Si/C ratio for the diatoms of 0.25. Nelson et al. (1995) estimated a mean ratio of 0.13 for low-latitude diatoms and 0.18 for Antarctic diatoms based on nutrient-replete culture studies (Brzezinski, 1985; Carbonell, 1985) . These culture studies would not have accounted for the Fe effect on Si uptake and quotas. Nelson et al. (1995) also noted the this ratio can vary widely, from 0.03 to 0.42 in the two culture studies, with field measurements in the Antarctic as high as 0.81 (Tr! eguer et al., 1991) .
Global atmospheric deposition of soluble Si is 1.76 Â 10 11 mol Si/yr in our standard model run (based on the TF95 dust deposition and assuming a 7.5% solubility, see MET). estimated a soluble Si deposition of 7.5 Â 10 11 mol Si/yr (assuming 7.5% solubility). The difference is largely driven by the large particulate dust deposited nearshore, which is not included in TF95. Thus, our atmospheric Si inputs (and perhaps Fe inputs) are likely underestimated in coastal regions near the primary dust sources. Tr! eguer et al. (1995) assumed an eolian input of 5.0 Â 10 11 mol Si/yr in their global budget based on and as assumed solubility of 5.0%. Atmospheric Si deposition had only a limited impact on the marine ecosystem at the global scale. In an alternate model run with no atmospheric Si input, global primary production, sinking export production and spatial patterns of nutrient limitation were nearly identical to our standard model run (Tables 4 and 5 ). The atmospheric Si input can have a significant impact on ecosystem dynamics in some regions, particularly areas of high dust input like the Arabian sea (see MET).
The interaction between silica and iron dynamics in the model can lead to seasonal shifts in nutrient limitation. In the ecosystem model we include an iron effect on Si cell quota, such that maximum cell quota increases with increasing iron stress (see MET). Thus, under Fe stress the ratio of Si uptake/N uptake and cellular Si/N and Si/C ratios are increased. There is field and laboratory evidence for these effects (Takeda, 1998; De La Rocha et al., 2000; Brzezinski et al., 2001) . To examine the influence of this iron effect on nutrient uptake by diatoms, we did an alternate run of the model without this effect (i.e. constant maximum Si cell quota). Global primary and export production were not significantly affected (Table 4) . However, large areas that are Si-limited in Fig. 8 are shifted to either Fe or N limitation in the alternate run (Table 5 ). The Si-limited area declines by 50% with most areas shifted to Fe limitation. In the equatorial Pacific, most of the Si-limited areas in Fig. 8 are not Silimited in the alternate run; large decreases in the Si-limited areas are also seen in Subantarctic waters. This suggests the Fe effect on Si/N drawdown is important in determining nutrientlimitation patterns in these regions. This is consistent with the findings of Leynaert et al. (2001) that half-saturation constants for Si uptake in the equatorial Pacific were close to ambient silicate concentrations. Thus, aB1 mM decrease in ambient silicate concentrations due to iron stress (as was observed in the model output at the EQPAC site, see MET) could significantly affect nutrientlimitation patterns. suggested silica or Fe and Si co-limitation of diatom growth was likely during summer months in Subantarctic waters SE of New Zealand, and that light and/ or Fe were the likely limiting during the spring. In the standard run (Fig. 8) , Si limitation has resulted in many areas (4.3% of world ocean) due to stronger drawdown of ambient silicate concentrations because of Fe stress. De La Rocha et al. (2000) suggested this pattern was possible, where strong Si drawdown as a function of iron stress leads to Si limitation, based on diatom culture work (see also Nelson et al., 2001) . Dugdale and Wilkerson (1998) argued that diatom production in the equatorial Pacific upwelling zone should be limited by Si. They used a half-saturation constant for Si uptake of 3 mmol Si/m 3 , higher than our value of 1.2 mmol Si/m 3 (MET). To test if this difference in Table 4 The influence of atmospheric iron inputs to the ocean on total mixed-layer primary production and the sinking export of particulate organic carbon (POC) in the large detrital pool a Atmospheric iron deposition to the oceans is based on dust deposition from the model studies of Tegen and Fung (1995) and Mahowald et al. (1999) with varying percentages of iron solubility. Both modern day and last glacial maximum (LGM) inputs are used from Mahowald et al. (1999) . Total surface mixed-layer nitrogen fixation by the diazotrophs is also displayed. Also shown are results from several alternate model runs all forced with the Tegen and Fung (1995) atmospheric iron deposition at 2% solubility (see text for details).
b Standard model run.
half-saturation constants would make a significant difference in nutrient-limitation patterns, we did an alternate model run with a half-saturation constant for Si uptake of 3 mmol Si/m 3 . There was little effect on primary and export production and only a small increase Si-limited area (mainly in Subantarctic waters) (Tables 4 and 5 ). Patterns of iron and silica limitation in the equatorial Pacific in this alternate run were nearly identical to those shown in Fig. 8 . Dunne et al. (1999) showed that data from US JGOFS EqPac survey cruise II used by Dugdale and Wilkerson (1998) was from a time of anomalously high subsurface nutrient values. They argued that iron was the most likely limiting nutrient for diatoms within the equatorial upwelling zone (Dunne et al., 1999) . Our model results support this conclusion, although deficiencies in our forcing grid in this region suggest some caution. 
Relationships between temperature and export production ratios
The sinking flux of POC within the large detrital pool is largely a function of diatom production in the model (MET). Most material entering the diatom pool is eventually routed to the large detrital pool either directly through aggregation and non-grazing mortality or indirectly due to grazing (see MET). There are some sites with relatively low diatom production and elevated POC export. These are mainly high-latitude sites and coastal upwelling regions where the small phytoplankton bloom. At these sites carbon enters the large detrital pool mainly through aggregation of the small phytoplankton.
The average sinking export ratio (sinking POC flux/total production) and the total export ratio (sinking POC+export of biogenic carbon due to detrainment and turbulent mixing/total production) are shown in Fig. 13 as a function of annual mean sea-surface temperature (from the standard model run averaged over 11C bins). Also shown is the relation between temperature and export ratio from Laws et al. (2000) . There is a strong temperature dependence for the total export ratio and a weak dependence for the sinking export ratio (Fig. 13) . This largely reflects the fact that winter mixed-layer depths are deeper at high latitudes (cooler temperatures), thus large amounts of biogenic carbon are lost from the mixed layer due to detrainment and mixing in these regions. The different methods of export counterbalance to some extent as areas with low sinking Fig. 13 . The mean export ratio defined as the sinking POC flux/primary production (squares) and as total biogenic carbon export/primary production (triangles) as a function of annual mean sea-surface temperature (see text for details). Also shown for comparison is the temperature-export ratio relationship from Laws et al. (2000) (diamonds). export build up more material in the small detrital pool, some of which is subsequently lost to the mixed layer through detrainment and mixing.
There are some strong regional differences that go into the mean export ratio values seen in Fig. 13 . In the mean annual temperature range from 01C to 101C, nearly all Southern Ocean sinking export ratios (from >401S) are between 0.1 and 0.15, well below the mean values seen in Fig. 13 . In contrast, over this same temperature range nearly all of Northern Hemisphere sites (from >401N) have sinking export ratios at or above the mean value, ranging from 0.2 to 0.5. This pattern is driven by strong iron limitation over most of the Southern Ocean.
The temperature relationship of Laws et al. (2000) was based on data from eleven in-situ studies. They found a strong correlation between export ratio and mean temperature (accounting for 86% of the variance in export ratios, Laws et al., 2000) . This high correlation was somewhat fortuitous as the coldest sites used in the study (Ross Sea and the Northeast Water polynya near Greenland) were high export, nutrient-replete sites. There are many cold-water sites (particularly in the Southern Ocean) with relatively low export ratios. Laws et al. (2000) noted that using their temperature relationship alone greatly overpredicted export over much of the Southern Ocean. Their relation based on total production and temperature did much better at high Southern Hemisphere latitudes (Laws et al., 2000) . Laws et al. (2000) assumed that all export was due to sinking particles. However, their model was validated with field data from in-situ locations where the f -ratio was typically estimated based on nitrate uptake. The field data would thus include all modes of export, including detrainment and mixing.
Primary production, particulate organic carbon export, and atmospheric iron deposition
We next examine the sensitivity of the marine ecosystem to variations in the atmospheric iron deposition. We present results from model runs identical to the standard run except for variations in the atmospheric iron source. First we examine the extreme cases of no atmospheric iron input and a saturating iron input from the atmosphere (Fig. 14) . For the saturating iron deposition we increased the atmospheric source until iron was essentially no longer a limiting nutrient. There is a drastic difference in primary production in the two model runs, from 35 Gt C with no atmospheric iron input to 70.5 Gt C with saturating input (Fig. 14) . The increases at higher atmospheric iron flux are seen mainly in the HNLC regions of the Southern Ocean, the subarctic North Pacific, and the Equatorial Pacific, with large increases also in most upwelling areas (Fig. 14) . The POC export within the sinking large detrital pool in the two runs was 5.8 Gt C and 16.5 Gt C, respectively. These differences in primary and export production are conservative estimates of the extreme cases because the subsurface iron source has been held constant in both runs. Drastic changes in the atmospheric iron flux would alter subsurface iron concentrations over time and increase the differences primary and export production.
Primary production, sinking POC export, the sinking export ratio, and total nitrogen fixation from a number of model runs with different atmospheric Fe depositions and solubilities are summarized in Table 4 . Both primary production and export production increase with increasing atmospheric iron inputs (Table 4) . Export production increases more rapidly than total production, thus the ratio of export/total production also increases with increasing atmospheric iron inputs (Table 4) . This is because some areas are shifting from a low-export, low-biomass regime dominated by small phytoplankton to one in which diatoms dominate with correspond-ingly higher export. Since deposition to the open ocean Fe-limited areas is generally lower in MAH99 (see Fig. 1 ), increasing the solubility has less of an effect on total and export production than with TF95 (Table 4) . Thus, increasing solubility of TF95 deposition from 2% to 10% increases total production from 45.2 to 56.1 Gt C (24% increase), while the same increase in solubility with the MAH99 deposition increases production from 42.1 to 47.0 Gt C (12% increase) ( Table 4) .
We convert the MAH99 LGM dust flux to iron flux assuming as before dust is 3.5% iron by weight. Total LGM iron deposition to the oceans is then 2.12 Â 10 12 mol Fe/yr, higher than the modern day flux of MAH99 by a factor of 4.6. MAH99 noted that the estimated LGM total global dust loading to the atmosphere increased by a factor of 2.5 with 20-fold increases at high latitudes. We present results from two runs (2% and 10% solubility) in Table 4 where the model was forced with these LGM iron depositions. Primary and export production in the model run with LGM atmospheric iron inputs at 10% solubility are nearly as high as in the Fe-replete run (Table 4) . These are not full simulations of the LGM, as we still use the modern day mixed-layer depths, sea-surface temperature, etc. However, they do illustrate a strong sensitivity to the estimated differences in atmospheric iron deposition. 
Global scale nutrient-limitation patterns and atmospheric iron deposition
Next we examine how variations in atmospheric iron input affect the summertime nutrientlimitation patterns. Table 5 summarizes the area of each nutrient-limitation regime for each of the model runs listed in Table 4 . For the diatoms, increasing the atmospheric iron inputs leads to more areas becoming either N-or Si-limited, while the nutrient-replete regions are always 51% of total ocean area (Table 5 ). For the small phytoplankton the areas which are N-and P-limited both steadily increase as atmospheric iron input increases ( Table 5 ). Note that even with the high LGM dust deposition from MAH99 there are still substantial Fe-limited regions during summer months ( Table 5 ). The diazotrophs are Fe-limited over 54% of the ocean with no atmospheric iron deposition, and over 41% with the MAH99 deposition at 2% solubility. The Fe-limited area steadily decreases with increasing atmospheric iron deposition as with the other phytoplankton (Table 5 ). Up to 9% of the world ocean is P-limited for the diazotrophs (Table 5 ).
In the saturating atmospheric iron deposition run some interesting nutrient-limitation patterns result. The equatorial upwelling band in the Pacific, the Arabian Sea, most Subantarctic waters, and much of the high-latitude North Atlantic become Si-limited for the diatoms. Areas north and south of the equatorial upwelling band in the Pacific become N-limited. At high southern latitudes the diatoms are either Si-or N-limited. The high-latitude north Pacific Ocean becomes N-limited for the diatoms and the small phytoplankton. For the small phytoplankton in the Southern Ocean, Subantarctic waters are either N-or P-limited and the highest latitudes are mainly Nlimited. Similarly, in the equatorial Pacific, the small phytoplankton are typically N-limited in the strong upwelling band with waters to the north and south being either P-or N-limited. Portions of the northern Indian Ocean and much of the high-latitude North Atlantic are P-limited for the small phytoplankton. The diazotroph P-limited areas expand somewhat, particularly in the eastern tropical Pacific, but the primary controls on biomass remain light and temperature (Table 5) .
The saturating iron input case is not realistic in the level of dust fluxes and is presented as an upper limit. The next highest atmospheric flux we examine is the MAH99 LGM flux with a solubility of 10%. There is very high production and export in the HNLC regions in this run. However, even at these very high atmospheric iron inputs, the Southern Ocean (latitudes >451S) is Fe-limited during summer months, except in the Atlantic sector where there is little Fe limitation. Significant portions of the equatorial Pacific are also Fe-limited for the diatoms and small phytoplankton. A small portion of the North Atlantic is Fe-limited for the small phytoplankton. The subarctic North Pacific becomes N-limited for the small phytoplankton and either Si-or N-limited for the diatoms. The diazotrophs are essentially Fe-replete in this run (Table 5) .
We use a 2% solubility as a best guess value in our standard run based on the analysis of Fung et al. (2000) and the review of Jickells and Spokes (in press ). Archer and Johnson (2000) noted that a 2% solubility (with TF95) best reproduced observed phosphate distributions in their model (6% solubility with MAH99). Note that in our standard run at 2% solubility, the small phytoplankton are Fe-limited over >50% of the world ocean and the diatoms are either Fe-or Silimited over >49% of the world ocean (Table 5 ). The Fe-limited areas are larger with the MAH99 iron deposition (Table 5 ). In addition, the diazotrophs are Fe-limited in many areas where the diatoms and small phytoplankton are N-limited (19% of the world ocean in our standard run).
Thus, nitrogen which is classically thought to be the key limiting nutrient in the oceans is controlling phytoplankton growth rates over less than half of the world ocean. There is a strong sensitivity to the atmospheric deposition, particularly in the transition zones between macronutrient-and Fe-limited regions (compare the Fe-and N-limited regions with the TF95 dust flux at 2% and 4% solubilities, Table 5 ).
We did an alternate run of the model with no diazotrophs and thus no nitrogen fixation. There was a modest decrease in global primary and export production without the diazotrophs (Table 4 ). In addition, the N-limited areas during summer months increased by 2.6% for the diatoms and by 5.3% for the small phytoplankton relative to our standard model run (Table 5 ). In a separate sensitivity experiment, we increased the maximum cellular Fe quota by 25% for all three phytoplankton classes. This decreased global primary production by B3 Gt C and the sinking export flux by 0.6 Gt C (Table 4 ). The area Fe-limited during summer months expanded by 3.1% for the diatoms, by 4.4% for the small phytoplankton, and by 4.7% for the diazotrophs. Global nitrogen fixation decreased to 56.0 Tg N/yr (10% decrease from the standard run). This indicates a moderate sensitivity to the maximum iron quotas. We believe the Fe quotas chosen for our standard run are appropriate values for use in a global model.
Discussion
The ecosystem model accurately reproduces strong Fe limitation of phytoplankton growth rates and community structure in the HNLC regions. At an assumed 2% solubility for the atmospheric iron source, the model predicts realistic global patterns of primary production, biogenic silica production, N-fixation, CaCO 3 export, POC export, and surface chlorophyll concentrations. The model results are also in good agreement with the limited field observations of phytoplankton cellular Fe/C ratios, and surface dissolved iron and nitrate concentrations.
Model estimates of dissolved iron concentrations tend to be lower than in-situ measurements. This may imply that a significant portion of the dissolved Fe measured in situ is not readily available for phytoplankton uptake. Alternatively, there may be weaknesses in the model, for example half-saturation uptake values for iron may be set too low, or there may be important regional differences in the iron physiology of phytoplankton not captured by our global formulation, or the model may be missing important sources of dissolved Fe, perhaps from the particulate pool which we neglect. These results illustrate a pressing need for more in-situ measurements of dissolved Fe and its relation to phytoplankton growth rates and physiology. Depth resolved fields of dissolved Fe also are desperately needed for model initialization.
The largest differences between in-situ and satellite observations and the model output are seen in areas where there are deficiencies in the mixed-layer grid formulation. The model under predicts phytoplankton biomass and production in equatorial upwelling regions where lateral advection is important. The mixed-layer formulation used here also does not account for processes occurring over the entire euphotic zone, including production at the deep chlorophyll maximum (DCM). Significant portions of the sinking export flux may be produced in the DCM (Goldman, 1993) . The ecosystem model is currently being incorporated into the 3D NCAR Climate Ocean Model. This will provide better physical forcings particularly in equatorial regions, incorporate the entire euphotic zone, and allow coupled climate simulations of land, sea, and atmospheric processes including the production, transport, and deposition of dust.
Global scale patterns of nutrient limitation and primary and export production are sensitive to variations in atmospheric iron inputs to surface waters (Tables 4 and 5 ). Our results suggest that Fe-limited regions of the world ocean equal or exceed N-limited areas (Fig. 8, Table 5 ). This is true across a range of assumed dust-iron solubilities using either the TF95 or MAH99 deposition estimates (Table 5) . Thus Fe inputs (from above and below) are likely as important as subsurface nitrate inputs in controlling new production rates at the global scale as suggested by Martin et al. (1989) . Archer and Johnson (2000) argued that most export production (70-80%) in the oceans today could be supported by subsurface Fe sources. Our model results support this conclusion since with no atmospheric Fe input, primary production and export production were 77% and 73% of the values from our standard model run (Table 4 ). This may be misleading however as subsurface Fe is ultimately dependent on the atmospheric inputs. Archer and Johnson (2000) also noted in their model that when atmospheric Fe deposition fell below a critical threshold, export production rapidly and drastically decreased as subsurface Fe concentrations were depleted. Our results suggest that roughly 50% of the world ocean is Fe-limited at the present time, and thus variations in atmospheric inputs will lead directly to changes in export production. In addition, relatively small changes in Fe input can shift community structure from one dominated by small phytoplankton to one dominated by diatoms, which sharply increases the sinking POC flux and thus carbon export to the deep ocean. The atmospheric Fe inputs thus have a critical impact on ocean biota and carbon cycling at the global scale. Better estimates of the atmospheric deposition and its variability over all time scales are needed in order to understand how changing climate conditions interact with biogeochemical cycling in the oceans.
The model results indicate that Fe limitation should be an important factor in the traditional HNLC regions of the northeast subarctic Pacific, the equatorial Pacific, and the Southern Ocean. The model also expands this Fe-limited domain to include the northwest subarctic Pacific, the eastern South Pacific Gyre, some equatorial areas in the Atlantic and Indian oceans, and parts of the North Atlantic (Fig. 8) . The transition zones between the mid-ocean gyres and the HNLC regions also tend to be Fe limited. These transition zones shift from Fe to N limitation as atmospheric iron deposition increases (Table 5 ). There is evidence for Fe limitation in some of these areas. Behrenfeld and Kolber (1999) found good evidence for Fe stress in macronutrientdepleted waters of the eastern South Pacific Gyre. Our results are consistent with this finding and suggest that Fe may be limiting growth rates, particularly in the eastern portion of the gyre where atmospheric dust inputs are very low (Fig. 1) . DiTullio et al. (1993) found that diatoms were colimited by Fe and macronutrients in oligotrophic waters of the North Pacific in the transition zone between the gyre and equator. We are unaware of studies testing for Fe limitation in the equatorial zones of the Atlantic or Indian Oceans. Lateral advection of iron (not included in our model) may prevent Fe limitation in some of these regions. However, Fe limitation also may occur, particularly south of the equator where dust inputs are significantly lower (see Fig. 1 ). The atmospheric Fe source accounts for o30% of total inputs in portions of the equatorial Atlantic and Indian Oceans, mainly south of the equator (Fig. 10) . The northwest subarctic Pacific and the high latitude North Atlantic are not generally considered to be Fe-limited regions. However, some Fe limitation may occur in these regions, particularly in late summer.
Our model results indicate that the primary control on rates of N fixation in tropical and subtropical regions is mixed-layer depth through its influence on light and temperature. As diazotrophs have a low initial slope of the P vs. I curve, slow maximum growth rates, and relatively high respiration losses, significant biomass accumulations only occur in regions with relatively shallow mixed layers. This is consistent with the results from some field studies (Karl et al., 1995; Hansell and Feely, 2000) . However, when favorable light and temperature conditions do allow for significant increases in diazotroph biomass, ambient dissolved iron is rapidly depleted and N fixation and diazotroph growth rates become limited by Fe. This supports the suggestion in recent years that Fe availability (and dust deposition) plays a major role determining diazotroph growth rates and N fixation rates in the oceans today (Raven., 1988; Reuter et al., 1992; Falkowski, 1997) . Recent theoretical estimates and laboratory experiments examining the iron requirements of Trichodesmium suggest that earlier studies which suggested that the Fe requirements of diazotrophs are up to 100 times higher than other phytoplankton (Raven., 1988; Reuter et al., 1992) , overestimated the likely influence of Fe limitation (Kustka et al, submitted; Ilana Berman-Frank, Jay Cullen, Yaeila Hareli and Paul Falkowski, pers. comm.) . We have set the Fe quota for the diazotrophs only 8-fold higher than the other phytoplankton based on these two studies, and we still see a strong impact of Fe dynamics on N fixation at the global scale. Bruland et al. (1994) found a strong surface mixed-layer maximum in dissolved Fe concentrations in the central North Pacific gyre due to the dominance of the atmospheric source for iron. Iron was strongly depleted beneath the surface mixed layer, within the euphotic zone (Bruland et al., 1994) . Given the dominance of the atmospheric Fe source in the mid-ocean gyre regions (Fig. 10) , this pattern is likely a common one. Trichodesmium often displays a biomass maximum just below the surface mixed layer in the North Pacific (Letelier and Karl, 1996) . Thus, it is possible that the diazotrophs would be Fe-limited beneath the surface mixed layer, even in areas where there was sufficient iron in surface waters. Given its subsurface source, phosphate is likely to be more depleted in the surface mixed layer. Thus, one can envision a smallscale vertical migration for Trichodesmium spp. whereby Fe is taken up in the surface mixed layer and phosphate is taken up in waters beneath the surface mixed layer at intermediate depths, but shallower than the phosphocline.
The diazotrophs accounted for a total 0.22 Gt C of primary production o1% of the total (Table 3 ). In the alternate model run without the diazotroph phytoplankton class, total primary production decreased by 1.5 Gt C (Table 4) . Thus, the presence of the diazotrophs increases primary production by the diatoms and small phytoplankton by 1.28 Gt C, mainly through the excretion of DON in N-limited areas. The sinking export flux declined by 0.26 Gt C (3.3% decrease) without the diazotroph phytoplankton class (Table 4) . The difference in export is mainly due to the stimulatory effect the diazotrophs have on the diatoms, as the diazotrophs can only enter the sinking pool indirectly through grazing processes (see MET). Total grazing on diazotrophs was 0.05 Gt C and approximately 33% of this would eventually end up the sinking detrital pool (see MET). While at the global scale the impact of the diazotrophs on carbon fluxes was modest, regionally the diazotrophs can have a very strong influence. For example in the alternate run without the diazotrophs, primary production was reduced by 40%, sinking POC export by B50%, and chlorophyll concentrations by B50% relative to the standard run at the HOT location.
The export of carbon from the surface mixed layer in the model is dominated by the sinking particulate flux (Table 3) . However, detrainment and mixing processes also account for a significant fraction of export (Table 3 , Fig. 7) . Much of the carbon export due to detrainment and mixing would be remineralized at fairly shallow depths (less than a few hundred meters) and likely entrained again the following spring. The same can be said of the sinking flux, however, as most of it is remineralized in the upper few hundred meters of the water column. Even so, carbon flux to the deep ocean would be due almost exclusively to the sinking flux.
In their seminal paper, Eppley and Peterson (1979) argued that export production in the oceans was largely controlled by the input of subsurface nitrate to the surface layer and that the sinking of particulate organic matter was the primary export mechanism. The model results presented here, in conjunction with other recent studies, suggest that the new production model of Eppley and Peterson (1979) needs to be expanded to include multiple limiting nutrients and multiple modes of carbon export. A large number of studies over the last decade (many as part of the IronEx or JGOFS studies) have demonstrated that iron inputs (from above and below) control export production over large portions of the world ocean (Martin et al., 1989 (Martin et al., , 1991 Helbling et al., 1991; Martin, 1992; Price et al., 1994; de Baar et al., 1995; Coale et al., 1996; Landry et al., 1997; Behrenfeld and Kolber, 1999; Boyd and Harrison, 1999; ; and references cited in these papers). Iron can limit export even in coastal upwelling systems .
Silica was also an important limiting nutrient in our model results, and there is considerable evidence for Si limitation in many regions (Nelson and Tr! eguer, 1992; Sieracki et al., 1993; Dugdale et al., 1995; Dugdale and Wilkerson, 1998; Abbott et al., 2000; Nelson et al., 2001) . Our model may in fact underestimate the extent of Si limitation in the high-latitude Southern Ocean where very high half-saturation constants for Si uptake (>20 mM) are sometimes observed . Phosphate was the limiting nutrient over B4% of the oceans for the diazotrophs and the small phytoplankton group in our standard run (Table 5 ). P limitation would be sensitive to the rates of N fixation, and there may be shifts between N and P limitation over long timescales (Falkowski, 1997) . This nutrient list is not exhaustive as other trace elements such as zinc may limit phytoplankton growth .
In addition, there may be co-limitation by Fe-light, Fe-Si, or Fe-macronutrients in a number of regions Abbott et al., 2000) . DiTullio et al. (1993) found that additions of macronutrients and Fe produced the greatest biological response in oligotrophic waters in the North Pacific. Similarly found that additions of nitrate and iron produced the greatest biomass increases in the northwestern Indian Ocean. Seasonal shifts and variations in these patterns are also likely Abbott et al., 2000) . In our model results the stronger depletion of ambient silicate levels due to iron stress led to Si limitation later in the season over B4.3% of the world ocean. Eppley and Peterson (1979) excluded polar areas from their analysis and suggested that dissolved organic matter exported through mixing processes accounted for a small percentage of total export (B2-15%). This number likely needs to be revised upwards. Our results suggest that this can be the dominant export mechanism in some areas that are strongly nutrient-limited with low primary production (where diatom production is minimal), particularly at high latitudes.
Controls on export production and modes of export are summarized in Fig. 15 . Globally the dominant controls on export production are suggested to be nitrate inputs from below and iron inputs (from subsurface and atmospheric sources) in largely spatially distinct regions. A number of other less significant sources for N and Fe as well as other potentially limiting nutrients are also depicted (Fig. 15 ). Nitrogen inputs due to N 2 fixation by the biota may exceed inputs from subsurface sources in tropical regions (Capone et al., 1997; Karl et al., 1997) . Phosphorus and silica may also be the limiting nutrient for export production in some regions (Karl et al., 1997; Dugdale et al., 1995; Nelson et al., 2001) .
Atmospheric deposition of N and P to the open ocean is generally a small fraction of the input from subsurface sources (Duce, 1986; . However, in coastal waters this deposition can be a significant source of new nutrients, particularly in anthropogenically influenced regions (Duce, 1986 . Even in open ocean areas the atmospheric inputs may be significant over short time periods (i.e. for a period of a few days following a rain event in heavily stratified mid-ocean gyre regions) (Duce, 1986; . Terrestrial runoff and riverine inputs as well as shallow water sedimentary sources for iron are likely important mainly in coastal regions. Iron is not transported far off shore in surface waters, although the subsurface signal from sedimentary continental shelf sources may travel long distances Luther and Wu, 1997) .
We include question marks in Fig. 15 to represent other potentially limiting nutrients (such as zinc) that may affect export production sporadically or only for certain phytoplankton species or groups. Co-limitation between light and these key nutrients is also a possibility (particularly ironlight co-limitation, Sunda and Huntsman, 1997; . Light availability controls export production at high latitudes during winter months and may also be important during spring and fall where mixed layers are deep (as frequently happens in the Southern Ocean). In addition light inputs can vary significantly over time through changes in cloud cover patterns. Mixed-layer depth also influences the light environment experienced by phytoplankton and the input of subsurface nutrients. Thus, wind speed and buoyancy can be additional controls on export production through their influence on mixed-layer depths. In addition to the physical processes listed in Fig. 15 , active vertical migration by large phytoplankton species can be an additional route for subsurface nutrients to move into the surface layer (Villareal et al., 1993 (Villareal et al., , 1996 (Villareal et al., , 1999 .
Sinking of particulate matter dominates export production at the global scale. The mixing processes including detrainment listed in Fig. 15 export both particulate and dissolved organic matter from the surface layer. Our model results suggest that in some regions these modes of export can exceed the sinking flux. In the Sargasso Sea the sinking flux of particulate matter seems insufficient to account for most carbon export, and export of dissolved organic carbon during deep winter mixing is an important export component Carlson et al., 1994) . Vertical migration by zooplankton and phytoplankton also can be a significant mechanism for export of carbon from surface waters (Longhurst et al., 1990; Richardson et al., 1998) .
The strong sensitivity of export production to atmospheric iron inputs seen in the model output supports the Iron Hypothesis of Martin and coworkers for a biological role in the drawdown of atmospheric carbon dioxide levels during the last ice age (Martin et al., 1989; Martin, 1990) . Global export production increases substantially (by 41% and 55%, at 2% solubility) when the model is forced with the LGM dust fluxes of MAH99 compared to the modern day fluxes using MAH99 or TF95 (Table 4) . Much of the increase is in the Southern Ocean, where sinking export (at latitudes >301S) in the modern ocean is 1.5 and 1.8 Gt C (2% solubility) and 1.9 and 2.7 Gt C (10% solubility, with the MAH99 and TF95 dust forcings, respectively), while with the LGM dust flux, export is 3.0 Gt C (2% solubility) and 4.9 Gt C (10% solubility). The increase in sinking export production in response to the glacial dust flux thus ranges from 1.2-1.5 Gt C (2% solubility) to 2.2-3.0 Gt C (10% solubility), which would include only export from the surface mixed layer. This is somewhat less than the estimate of of a LGM increase in total export production for this region of 2.9-3.6 Gt C based on an extrapolation of modern day measurements. assumed that the LGM dust fluxes would completely alleviate Fe limitation in the Southern Ocean. Our model results, however, indicate that much of the Indian and Pacific sectors of the Southern Ocean would still become Fe-limited during summer months, even with the much higher LGM dust fluxes. In the Fe-saturated model run, Southern Ocean export increased to 5.6 Gt C, which would represent an increase of 2.9-4.1 Gt C over the modern day export. While forcing the ecosystem model with glacial atmospheric Fe deposition but modern day sea-surface temperatures, mixed-layer depths, and surface radiation fields does not constitute a full LGM simulation, it does illustrate a very strong sensitivity to the estimated increase in atmospheric iron deposition. Harrison (2000) recently proposed that atmospheric Si deposition played a strong role in glacial-interglacial productivity, and that the increased Si deposition during glacial times increased diatom export enough to account for the glacial atmospheric CO 2 drawdown. In general, our results do not support this hypothesis. Harrison (2000) assumed that Si was the limiting nutrient for diatoms in the oceans today and that higher Si deposition during glacial times would translate directly into increased diatom (and decreased coccolithophore) production. Our results suggest that iron is the more important limiting nutrient for the diatoms in the ocean today (Table 5 ). In our standard run diatoms were Fe-limited over 38.8% of the world ocean during summer months and Si-limited over 10.6% (Table 5 ). Roughly half of the Si-limited regions were a result of Fe stress, which increased the drawdown of ambient silicate concentrations. It should be noted that atmospheric Si deposition varied in our model runs with the dust model source (solubility was always 7.5%), so in our model runs forced with the LGM dust deposition of MAH99 atmospheric Si deposition also increased to the estimated glacial levels. The total area where the diatoms were Si-limited increased when forced with the glacial dust flux while the Felimited areas decreased (Table 5 ). This is because the amount of Si in dust is relatively small compared to the amount of Fe, when considered in relation to the elemental requirements of diatoms. Because the atmospheric source of dissolved silicate is negligible compared to subsurface sources in most regions, global patterns of primary and export production were nearly identical to our standard model run in an alternate run with no atmospheric Si deposition (Table 4) . These results suggest that the impact of the glacial increase in atmospheric Si deposition on oceanic carbon fluxes was small compared to the impact of the increased iron deposition.
